Abstract A transient climate scenario experiment of the regional climate model COSMO-CLM is analyzed to assess the elevation dependency of 21st century European climate change. A focus is put on near-surface conditions. Model evaluation reveals that COSMO-CLM is able to approximately reproduce the observed altitudinal variation of 2 m temperature and precipitation in most regions and most seasons. The analysis of climate change signals suggests that 21st century climate change might considerably depend on elevation. Over most parts of Europe and in most seasons, near-surface warming significantly increases with elevation. This is consistent with the simulated changes of the free-tropospheric air temperature, but can only be fully explained by taking into account regional-scale processes involving the land surface. In winter and spring, the anomalous high-elevation warming is typically connected to a decrease in the number of snow days and the snow-albedo feedback. Further factors are changes in cloud cover and soil moisture and the proximity of low-elevation regions to the sea. The amplified warming at high elevations becomes apparent during the first half of the 21st century and results in a general decrease of near-surface lapse rates. It does not imply an early detection potential of largescale temperature changes. For precipitation, only few consistent signals arise. In many regions precipitation changes show a pronounced elevation dependency but the details strongly depend on the season and the region under consideration. There is a tendency towards a larger relative decrease of summer precipitation at low elevations, but there are exceptions to this as well.
strong variability on hemispheric to regional scales and are poorly characterized by a single global mean change. Indeed, during the 20th century global mean temperature increased, but a few isolated regions experienced a slight near-surface cooling (IPCC 2007) . Differences between future global mean changes and the response in individual regions can also be expected for the 21st century. This is especially true for parameters like precipitation, which strongly depend on a suite of non-linear, interacting processes that in turn are subject to a high spatial variability.
A particularly important variation of this type is the elevation dependency of surface climate change, i.e., the relation between the change of a near-surface quantity and the topographic height of the respective station or model grid cell.
1 Assessing and understanding elevation gradients and the corresponding amplification/attenuation of large-scale climate change signals in mountain regions is of high interest for climate impact assessment, given the high vulnerability of alpine ecosystems (e.g., Diaz et al. 2003 , Schröter et al. 2005 , Thuiller et al. 2005 , the importance of mountain regions as "water towers" for the surrounding lowlands (e.g., Viviroli et al. 2007) , the high frequency of heavy precipitation events and floods in regions of complex topography (e.g., Frei et al. 2000) , and the role of mountains as tourist destinations (e.g., EEA 2009, Elsasser and Bürki 2002) .
Recently, altitudinal climatic gradients have been investigated for a large number of mountain ranges (e.g., the reviews of Barry 2008 . For temperature, the altitude gradient is strongly determined by the respective height gradient in the free troposphere, and it thus exhibits the prevailing environmental lapse rate (decrease of the free-tropospheric temperature with height) modulated by local conditions. Temperature height and altitude gradients are typically confined by the saturated and the dry adiabatic lapse rates of about 0.4 and 0.98°C (100 m)
, respectively, but show distinct spatial, seasonal, synoptic and diurnal variations in alpine terrain (e.g., Kotlarski et al. 2010 , Minder et al. 2010 , Prömmel et al. 2010 , Richner and Phillips 1984 , Rolland 2003 , Schwarb 2000 , Varney 1920 . Often, such variability is neglected and a mean lapse rate around 0.65°C (100 m) −1 is assumed as a rule of thumb. Topography also exerts a primary control on precipitation sums (e.g., Daly et al. 1994 , Wastl and Zängl 2008 . The underlying mechanisms depend on the mountain range under consideration. They can include processes such as orographically forced uplift and orographic triggering of summertime convection, and may also involve the seeder-feeder type precipitation enhancement (e.g., Houze 1993 , Roe 2005 , Smith 1979 ). These mechanisms typically lead to an increase of precipitation amounts with elevation that is approximately linear in many regions. Exceptions are tropical and subtropical mountain ranges where maximum precipitation rates often occur at medium elevations (Daly et al. 1994 , Weischet 1979 . Furthermore, the complexity of orographic precipitation processes leads to a pronounced spatial heterogeneity of the precipitation-elevation gradient with distinct spatio-temporal patterns (e.g., Frei and Schär 1998 , Sevruk 1997 , Wastl and Zängl 2007 . Elevation gradients of temperature and precipitation, in turn, strongly determine the gradients of snow accumulation and snow melt, resulting in a general increase of snow depth and snow duration with altitude (e.g., Durand et al. 2009 , Hantel et al. 2000 , Laternser 2002 ). Snow cover feedbacks are thus among the most suspicious factors when considering local changes in temperature-altitude relations. Also components of the surface radiation budget can show a pronounced altitudinal dependency (Marty et al. 2002) .
Concerning future climate change, any modification of the processes determining the vertical gradients of surface climate can be expected to result in an elevation-dependent forcing and, eventually, in a modification of the respective elevation gradients. For the case of temperature, the relevant factors relate (i) to large-scale changes of the environmental lapse rate and (ii) to more regional effects related, e.g., to changes in snow cover. Regarding the former, theoretical considerations and climate model results suggest that climate change will lead to a decrease of free-tropospheric lapse rates (e.g., Frierson 2006) , i.e., the upper troposphere will warm stronger than the lower, ultimately because the moist adiabatic lapse rate decreases with temperature (Held and Soden 2000 , Santer et al. 2005 , Soden and Held 2006 . This change affects saturated ascending air parcels and is particularly effective in the tropics. Regarding the second, more regional effect, an obvious mechanism involving surface-atmosphere exchange processes is the snow-albedo feedback (e.g., Hall 2004) : A shortening of the snow season will result in a lower surface albedo during the transition seasons and would potentially amplify a large-scale warming signal. This process will be most effective in mid-to high-altitude regions with large changes in snow cover duration. Further reasons for a possible elevation dependency of surface climate change have been proposed. For instance, high-elevation sites are more influenced by the free troposphere above the boundary layer Rebetez 1996, Weber et al. 1994) and are thus less affected by local factors (air pollution, frequency of inversions, anthropogenic land use changes, etc.).
Observational evidence confirms that surface temperature trends can have a strong altitudinal component (e.g., Beniston et al. 1997 , Beniston and Rebetez 1996 , Seidel and Free 2003 , Vuille and Bradley 2000 , Weber et al. 1994 , Weber et al. 1997 . Most studies find stronger warming at high-elevation stations during the last decades, but this is not uniformly true (e.g., Appenzeller et al. 2008 , Ceppi et al. 2010 , Pepin and Losleben 2002 , You et al. 2010 . As regards future climate change, several studies have used high-resolution global and regional climate models driven by greenhouse gas scenarios. In a pioneering study, Giorgi et al. (1997) investigated the elevation dependency of surface climate change in the European Alps based on two regional climate model (RCM) time slice experiments for a control climate (present-day conditions) and a 2xCO 2 scenario. They found a significant elevation dependency of the temperature change signal with a larger warming at higher elevations. In their experiment the differential warming is most pronounced in winter and spring and can clearly be attributed to the snowalbedo feedback. Besides temperature, the authors also found an elevation dependency of the changes in the absolute precipitation sums, especially during the summer season. Giorgi and colleagues also suggested the use of high-elevation temperature stations as an early detection tool for large-scale warming. This idea has, however, been questioned by Fyfe and Flato (1999) . Analyzing an ensemble of climate change experiments with a coupled general circulation model (GCM) over the Rocky Mountains, they also found larger temperature changes at high elevations, again attributable to the snow-albedo feedback, but no potential for early climate change detection (similar signal-to-noise ratio at high and at low elevations). Further studies, applying both GCMs and RCMs, confirm the existence of an elevation signal especially for temperature in future climate change (Kim 2001 , Leung and Ghan 1999 , López-Moreno et al. 2008 , Salathé et al. 2010 , Snyder et al. 2002 , Snyder and Sloan 2005 , Wild et al. 1997 . Im et al. (2010) revealed the particular importance of surface-atmosphere feedback mechanisms in determining elevation gradients of both temperature and precipitation changes in the European Alps by using an RCM in a surrogate climate change framework (Schär et al. 1996) rather than driving it by a GCM. This approach accounts for the overall warming and moistening of the atmosphere but excludes a possible lapse-rate feedback.
The present study aims at complementing and extending the mentioned studies in several aspects. Instead of analyzing GCM or comparatively coarse-resolution RCM time slice experiments, we investigate a high-resolution GCM-driven transient climate change simulation over Europe carried out by a state-of-the-art RCM. In mountainous terrain, a high spatial resolution is particularly important in order to represent the topography and to reproduce meso-scale circulations and the related regional climate change characteristics. A focus is put on near-surface air temperature at 2 m height (hereafter simply referred to as 2 m temperature) and precipitation, the main parameters typically applied in climate impact studies. Additionally, changes in the free-tropospheric air temperature are analyzed. Our future target period for deriving climate change signals is 2070-2099, which is compared to the reference period . Prior to the analysis of climate change signals, we assess the ability of the RCM to reproduce observed elevation gradients of 2 m temperature and precipitation. We then evaluate the spatial and temporal characteristics of the elevation dependency of surface climate change for the entire European continent, sub-divided into eight regions of similar climatic characteristics. Additional and supporting analyses that are not included in the main paper are provided in the Electronic Supplementary Material (ESM).
Data and methods

RCM data
The regional climate model applied in this study is COSMO-CLM (or in short CCLM; Rockel et al. 2008) , the climate version of the COSMO numerical weather prediction model (Steppeler et al. 2003) . CCLM is a non-hydrostatic limited-area model which numerically solves the fully compressible equations for a moist atmosphere. For representing subgridscale processes the model employs a number of physical parameterizations, including the Tiedtke convection scheme (Tiedtke 1989 ), a one-moment scheme for cloud microphysics, a δ-two-stream radiation scheme (Ritter and Geleyn 1992) and a land surface scheme with a multi-layer soil model. The latter also accounts for snow cover, which is represented by a single snow layer with a prognostic snow density and a time-dependent snow albedo. At the lateral boundaries, the large-scale forcing is imposed according to the relaxation scheme of Davies (1976) . Spectral nudging is not applied in the current model setup, i.e., the RCM runs freely within the interior part of the model domain. At ETH Zurich CCLM is the successor of the limited-area model CHRM (Vidale et al. 2003) and is applied for studies of the regional water cycle, land surface-atmosphere interactions and for assessing future climate change in Europe and the related uncertainties. The model is developed and maintained by the CLM-community and proved to be able to represent the European climate in a similar quality as other regional climate models (e.g., Kotlarski et al. 2005) .
We here analyze a set of CCLM experiments carried out within the frame of the European ENSEMBLES project (van der Linden and Mitchell 2009). The simulations comprise one evaluation run (CCLM-ERA40) for the period 1958-2002 driven by the ERA40 re-analysis (Uppala et al. 2005 ) and one transient climate change experiment (CCLM-HadCM3) for the period 1950-2099 driven by the GCM HadCM3. The latter is a fully coupled ocean-atmosphere GCM which is operated without flux adjustments (Gordon et al. 2000) . In the control period of CCLM-HadCM3 (1950 -2000 observed atmospheric greenhouse gas concentrations are prescribed, while concentrations according to the SRES A1B emission scenario (Nakicenovic et al. 2000) are assumed from 2001 onward. In all experiments, CCLM was directly nested into the large-scale forcing and was operated at a spatial resolution of 0.22°on a rotated latitude-longitude grid, corresponding to a grid box size of approximately 25 km×25 km. The regional model domain encompasses the entire European continent, the Mediterranean Sea, parts of the North Atlantic and of Northern Africa (Fig. 1) . Jaeger et al. (2008) carried out a detailed validation of CCLM-ERA40 on a European scale (referred to as CLM-22 therein). They found a number of substantial model biases, e.g., a warm and dry summer bias over many parts of Europe, but did not address elevation gradients.
Observational reference data
For validating the elevation dependency of 2 m temperature and precipitation in CCLM, we use the daily gridded E-OBS dataset as observational reference (Haylock et al. 2008 ). E-OBS covers the entire European land surface and is based on the ECA&D (European Climate Assessment and Data) station dataset plus more than 2000 further stations from different archives. The grid cells of the rotated 0.22°version of E-OBS exactly match the CCLM grid cells and no further interpolation is required for intercomparison. For the spatial interpolation of monthly values of temperature and precipitation, E-OBS uses threedimensional splines explicitly taking into account the station elevation. We therefore assume that the elevation dependency of both parameters is approximately represented. For individual regions, more accurate datasets might exist which are based on a larger number of observation stations especially at high elevations. The clear advantage of E-OBS is the spatial (entire European land surface) and temporal coverage and the existence of a rotated 0.22°grid version exactly corresponding to the RCM grid, which makes it ideal for an approximate validation of the simulated elevation gradients. However, especially for the topographically structured area of the European Alps (sub-domain AL) we cannot rule out a possible bias of E-OBS towards low-elevation stations. For this sub-domain we therefore additionally consider the monthly temperature dataset of Hiebl et al. (2009) and the precipitation analysis of Schwarb et al. (2001) , both of which are based on a much larger number of observation stations and provide gridded data at a higher spatial resolution than E-OBS. In their underlying measurement network more high-elevation stations are included compared to E-OBS, which does not prevent a bias of the data towards lowelevation regions (e.g., Rolland 2003) but which makes an important low-elevation bias less likely. The use of multiple observational reference datasets allows addressing observational uncertainties and increases our confidence in the model evaluation results. The 1 km×1 km temperature climatology of Hiebl et al. (2009;  hereafter referred to as ZAMG) is provided by the Central Institute for Meteorology and Geodynamics (ZAMG), Austria, and has been determined from observational averages for the period 1961-1990 at 1434 stations in the greater Alpine region. The precipitation analysis of Schwarb et al. (2001;  hereafter referred to as S2001) is based on observations of Frei and Schär (1998) at more than 6000 stations in the Alps in the period [1971] [1972] [1973] [1974] [1975] [1976] [1977] [1978] [1979] [1980] [1981] [1982] [1983] [1984] [1985] [1986] [1987] [1988] [1989] [1990] , which were analyzed on a 2 km grid applying the PRISM scheme (Parameter-elevation Regression on Independent Slope Model).
Methods
All analyses are carried out for annual mean values or for standard climatological seasons (DJF: winter, MAM: spring, JJA: summer, SON: autumn). Spatially, the model domain is decomposed into eight sub-domains as defined in the PRUDENCE project ) and representing homogenous climatic settings (Fig. 1) . For illustrating elevation dependencies, the RCM grid cells in each sub-domain are pooled according to their mean grid cell orography into 100 m-elevation bins (0-100 m, 100-200 m, etc.). Of the eight sub-domains, only the Alps (AL) have a considerable fraction of their total land area located above 2000 m (see ESM Part A). Further regions with a substantial contribution of high-elevation grid cells above 1000 m are the Iberian Peninsula (IP) and the Mediterranean (MD).
2 For testing the statistical significance of changes in mean values we employ the two-sided Wilcoxon-Mann-Whitney rank-sum test (Wilks 2006) at a 99% confidence level. This includes the assessment of significant temperature or precipitation changes at grid cell or elevation band level as well as the test whether the mean climate change signal in a given elevation interval (mean change of all grid cells in that interval) is significantly different from the sub-domain mean change (mean change of all grid cells in the entire sub-domain).
Results
Validation of RCM elevation gradients
Figures 2 and 3 present a comparison of the elevation dependency of mean annual 2 m temperature and mean annual precipitation in CCLM-ERA40 and CCLM-HadCM3 against E-OBS for the period 1961-2000. Both experiments approximately capture the observed temperature decrease with elevation ( Fig. 2) . Also deviations from the linear fit are well represented. Mean lapse rates, however, are overestimated in all sub-domains. This overestimation could be connected to a bias of the environmental lapse rate, which is not assessed in detail here. Largest deviations from the observed lapse rate of more than 0.1°C (100 m) −1 occur in sub-regions AL, FR and EA. As a result, the model bias in these regions is not constant with elevation but becomes strongly negative at elevations above 1000 m (FR: 500 m) compared to a slight positive bias in lower-elevation grid cells. In sub-domain AL the two reference datasets E-OBS and ZAMG closely agree with each other, both with respect to the general temperature level and the temperature lapse rate. Obviously, the lower station density in E-OBS does not hinder an accurate assessment of mean annual temperature in the Alpine region and its elevation dependency. In the north-western subdomains BI, ME and SC the temperatures in CCLM-HadCM3 are lower than in CCLM-ERA40 over the entire elevation range. This systematic difference is probably inherited from the driving global model. Along the north-western boundary of the RCM domain, which is the predominant inflow boundary, HadCM3 shows a pronounced cold bias in the annual mean compared to ERA40 (not shown). Interestingly, the lapse rates in CCLM-ERA40 and CCLM-HadCM3 are very close to each other despite the cooler conditions in CCLM-HadCM3.
The elevation dependency of annual precipitation is far more complex and the linear fit only provides a rough estimate of its characteristics (Fig. 3 ). CCLM shows a pronounced wet bias at elevations below 1000 m in most regions. The general increase of precipitation with elevation is approximately captured by both model experiments up to elevations of about 1000 to 1500 m. The most striking discrepancy between CCLM and E-OBS is the decrease of the simulated precipitation sums at high elevations of individual sub-domains, leading to pronounced dry biases (e.g., AL, EA, IP). In sub-domain AL, simulated precipitation is in close agreement with the high-resolution dataset S2001 at elevations below 1000 m while, again, precipitation is underestimated at high altitudes. At elevations above 500 m, pronounced differences exist between the two references E-OBS and S2001. These differences are of the same order of magnitude as the model bias. They highlight the potential influence of inaccuracies in the reference data on the model evaluation. Still, the dry bias of CCLM at elevations above 2000 m in the Alps is a robust feature found for both reference datasets. A seasonal analysis (not shown) reveals that in the affected regions the high-elevation dry bias typically occurs throughout the entire year and is not restricted to individual seasons. Presumably, the wet bias at low elevations and the dry bias at high elevations of individual sub-domains are connected to each other. In case of topographically lifted air masses, excessive precipitation at low altitudes upstream could cause a gradual drying of the air and prevent the formation of precipitation later on at higher altitudes. In addition, the model bias is likely affected by the neglect of the horizontal transport of falling hydrometeors in the current model version (see Verbunt et al. 2007) . It is worth noting that the findings presented above are influenced by the fact that both E-OBS and S2001 provide precipitation sums that are not corrected for the systematic undercatch of rain gauges (e.g., Adam and Lettenmaier 2003) . In a relative sense, this undercatch can be expected to be larger at high elevations due to a larger fraction of snowfall and stronger winds. Correcting for the precipitation undercatch would decrease the wet bias of CCLM at low elevations but would amplify the model's dry bias in high regions (which, still, could be caused by a too fast drying of topographically lifted air masses as explained above). Similarly to 2 m temperature, there is a good agreement between the elevation dependency of mean annual precipitation in CCLM-ERA40 and CCLM-HadCM3.
In summary, the simulated and observed elevation gradients approximately match each other. The agreement is better for temperature than for precipitation. It provides basic confidence into the ability of CCLM to accurately capture the governing processes. This is supported by the validation on a monthly time scale (see ESM Part B): in all sub-domains CCLM approximately reproduces the observed annual cycle of the elevation dependency of both parameters. Furthermore, the model is able to reproduce the observed year-to-year variability of elevation gradients in most cases (ESM Part C). This provides further confidence into the ability of the model to accurately represent also the response of elevation gradients to climate change. 
European scale
Figure 4 provides a European-scale picture of the simulated change of mean winter and summer 2 m temperature until the end of the 21st century (CCLM-HadCM3). In both seasons the temperature change exhibits a pronounced spatial variability but is positive and significant throughout Europe. In winter, the largest warming of more than 5°C occurs in North-Eastern Europe while temperature increases of less than 3°C are simulated over the Iberian Peninsula, the British Islands and Western France. In summer a different pattern emerges with Southern Europe experiencing the largest temperature increase of more than 4°C and only a moderate warming in the northern parts. Qualitatively, these seasonal warming patterns agree with those simulated by the driving GCM HadCM3, but pronounced differences exist on a regional scale especially concerning the amplitude of the warming (ESM Part D). The basic warming patterns also agree with those found in previous studies (e.g., . The equal-elevation contour lines in Fig. 4 allow a first comparison of warming rates between high and low altitudes on a qualitative basis. In many regions, the simulated warming seems to intensify with elevation, though only marginally in DJF compared to JJA (Pyrenees in DJF and JJA, Alps in DJF and JJA, Carpathians in JJA, Scandinavian Alps in JJA, Iberian Meseta in JJA). The warming over ocean surfaces is typically less pronounced than over adjacent land grid cells (except for the Baltic Sea in summer).
Elevation dependency in sub-domains
The comparatively strong warming at high elevations is confirmed by Fig. 5 which shows the mean seasonal 2 m temperature change as a function of elevation. In all subdomains and at all elevations the climate change signal is positive and significant (black markers). Warming rates can vary considerably with elevation and individual elevation bands can show temperature changes that are significantly different from the regional mean change (open circles). Only elevations that experience a similar warming compared to the sub-domain mean (e.g., medium elevations in IP in winter) or that show a different warming compared to the sub-domain mean but only contain very few grid cells (e.g., high elevations in AL in summer) fail to pass the significance test. In most regions, the warming intensifies with elevation and can often be approximated by a linear function of altitude. Exceptions are BI in summer, EA in winter and SC in winter and spring where low-elevation regions show the largest warming. On a seasonal basis, the strongest variations of the 2 m temperature change with elevation occur in summer while autumn shows rather weak gradients (IP, FR, ME, AL, MD, EA). A special pattern emerges in the Alps in summer when both high-and low-elevation regions (>2000 m and <500 m, respectively) experience a strong temperature increase while the warming is less pronounced at medium elevations (500-1500 m). A likely explanation is the spatial extent of sub-region AL which includes the low-lying Po valley in its southern parts. In spring, the largest warming in sub-domain AL occurs at medium elevations between 1500 and 2000 m and is significantly different from the regional mean warming. This is consistent with Swiss temperature trends observed during the second half of the 20th century and points to the influence of snow cover changes close to the zero-degree isotherm (Ceppi et al. 2010 ; see also Chapter 3.4.1). The described pattern of larger warming rates at high elevations results in a decrease of the near-surface temperature lapse rate in most sub-domains and in most seasons (less pronounced temperature decrease with elevation). Typically, this effect is largest in summer with lapse rates decreasing by more than 0.1°C (100 m) −1 in sub-domains IP, FR and ME (ESM Part E).
Precipitation climate change signal
European scale
As for temperature, a pronounced spatial variability of the precipitation change over Europe is simulated (Fig. 6) . On a regional scale, it can in some cases be connected to the grid box elevation. While most of Europe experiences a precipitation increase in winter (which is significant only in the north-eastern parts), high-elevation regions in the Alps and the Pyrenees show a slight decrease of winter precipitation. In contrast, high elevations along the eastern rim of the Scandinavian Alps, in the Carpathians and in the Balkans experience an above-average increase of precipitation. Besides an elevation effect, winter precipitation changes are obviously also influenced by the relative setting of Black squares indicate a significant elevation mean change between the control and the scenario period. Circles highlight an elevation mean change which is significantly different from the sub-domain mean change. The gray background shading indicates 500 m elevation bands. The same shading is used for all sub-domains to allow for a better inter-comparison a grid cell in the regional topographic context. For instance, winter precipitation increases along the southern slopes of the Alps while it decreases along the northern rim. A similar dependency of precipitation changes on the slope direction is evident for the Scandinavian Alps, the Pyrenees, and the Balkan Mountains, which indicates an influence of regional circulation changes on the precipitation change signal. In summer, a pronounced and significant drying is simulated for the central and southern parts of Europe with summer precipitation decreasing by more than 60% over most parts of the Iberian Peninsula. This precipitation change pattern is consistent with previous studies (e.g., . Again, elevation dependencies of the precipitation change appear on a regional scale. A slight increase of precipitation occurs along the main Alpine ridge compared to a drying signal in the surrounding areas. Similarly, the percentage increase of summer precipitation is larger along the main ridge of the Scandinavian Alps compared to low-elevation areas. Most of these findings also apply to the absolute changes of precipitation sums (not shown). As for temperature, the seasonal precipitation change patterns simulated by CCLM agree qualitatively with those of the driving GCM HadCM3, but can vary considerably on a regional level (see ESM Part D). domains emerge. In the mountainous regions IP, SC, AL and MD the relative decrease of mean summer precipitation becomes less pronounced with elevation and can differ significantly from the regional mean change in the uppermost grid cells (open circles). The opposite is the case for sub-regions FR and EA where the summer drying becomes more intense when moving from low to high elevations. The winter wettening signal typically increases with elevation, but there are exceptions to this as well (FR, SC, AL). Hence, compared to temperature the simulated elevation dependency of relative precipitation changes is subject to a pronounced variability in space (sub-domain) and time (season), which reflects the complexity of processes involved in the formation of precipitation.
Elevation dependency in sub-domains
Climate change signals of additional parameters
Changes in 2 m temperature and precipitation are key parameters in climate impact studies, but climate change is not restricted to these quantities. The output of physically based regional climate models offers the possibility to analyze a large number of further parameters at the scales resolved by the model. Many of these parameters are of high relevance for impact research, such as future changes in snow cover characteristics or insolation. Furthermore, within the complex climate system their changes could be connected to changes in temperature and precipitation and their analysis could give insight into possible mechanisms responsible for the findings presented in the previous chapters. 
Snow cover
As a result of the higher temperature level and despite the simulated increase of winter precipitation, seasonal snowfall amounts decrease in all sub-domains and at almost all elevations (not shown). In addition, snow that has settled on the ground is subject to a more rapid melt due to higher temperatures. In combination, the decreasing snowfall amounts and the faster snow melt on the ground lead to a strong reduction of the number of snow days (defined as days on which the simulated grid cell mean snow depth exceeds a threshold of 0.003 m w.e.) at all elevations which is significant in most regions (Fig. 8) . Even highelevation Alpine grid cells located above 2000 m experience a considerable shortening of the snow season and low-elevation areas in all sub-domains are facing losses by often more than 80%. In general, the percentage decrease of the number of snow days (dashed lines) becomes smaller when moving from low to high elevations while the absolute decrease (solid lines) enlarges. Prominent exceptions are sub-regions SC and AL in winter and spring, where the maximum absolute loss is simulated at low (SC, <500 m) or medium (AL, 1500-2000 m) elevations. Obviously, the high amounts of winter snowfall in the control climate combined with the simulated increase of wintertime precipitation help to sustain an extended snow season at high-elevation grid cells in these two sub-domains. 
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Surface albedo
Within the CCLM land surface parameterization scheme, the grid cell surface albedo is internally computed as a function of the soil type, the fractional plant cover, soil moisture and snow cover. Consequently, the simulated decrease of snow cover is reflected in changes of the surface albedo (Fig. 9) . In all sub-domains and at all elevations, the albedo change closely follows the change in the absolute number of snow days (solid lines in Fig. 8 ) Maximum albedo reductions of around 0.2 occur at medium to high elevations in subdomains AL (1500-2000 m) and MD (>1500 m) in winter and spring.
Surface net shortwave radiation
The described changes of the surface albedo alter the amount of solar radiation absorbed by the surface and should therefore be reflected in changes of the shortwave radiation budget. The latter is furthermore influenced by changes of incoming solar radiation which, in turn, strongly depends on cloud cover. An analysis of the simulated cloud cover changes (ESM Part F) reveals that in most sub-regions, strong and significant decreases of cloud cover occur in summer and autumn while changes of winter and spring cloud cover are rather small and show only little elevation dependency. Except for sub-domains BI and SC, the summertime cloud cover reduction is connected to an increase of incoming solar radiation especially at high elevations 1961-1990 and 2070-2099 [−] in each 100 m elevation band for all seasons and sub-domains. Black squares indicate a significant change at the respective elevation. The gray background shading indicates 500 m elevation bands. The same shading is used for all sub-domains to allow for a better inter-comparison (ESM Part F) . Even in the absence of surface albedo changes this effect alone leads to an increase of net surface solar radiation ( Fig. 10; e.g., sub-domains IP, FR, ME and MD). In winter and spring, on the other hand, surface albedo changes obviously dominate the variation of net shortwave radiation changes with elevation and can even reverse elevation dependencies introduced by changes in surface incoming solar radiation (i.e., dependencies introduced before the surface albedo acts on the surface radiation budget). This becomes very obvious in sub-domain AL where the elevation range showing the maximum increase of MAM net shortwave radiation by up to 28 Wm −2 corresponds exactly those elevations that experience the strongest decrease in surface albedo. In the same elevation range, surface incoming solar radiation actually decreases by a similar magnitude (see ESM Part F).
Snow cover change vs. 2 m temperature change
The previous findings suggest a strong influence of snow cover changes on winter and spring temperature changes via changes in surface albedo and net shortwave radiation (snow-albedo feedback). This impression is confirmed by Fig. 11 which shows the relation between the regional anomaly of changes in the number of snow days and the 2 m temperature change anomaly (anomalies denote the mean change in the individual elevation bands minus the sub-domain mean change). In most regions, a clear relation between both quantities exists in winter and spring. Correlation coefficients are often lower than −0.9, indicating a clear negative relation between the deviation of the temperature change in a certain elevation band from the regional mean and the snow day change anomaly. Simply speaking, an above-average temperature increase is associated with a comparatively large reduction in the number of snow days, and vice versa. In some regions also summer (SC, AL) and autumn (BI, ME, SC, AL) show strong correlations. Note that the strong relation between winter and spring snow cover changes and temperature changes as presented in Fig. 11 is not necessarily a consequence of the snow-albedo feedback. It could also contain large-scale warming signals to which snow cover is reacting passively.
Temporal evolution of 2 m temperature changes
So far, our analysis of climate change signals focused on the period 2070-2099. The transient character of the CCLM-HadCM3 experiment offers the possibility to also investigate the temporal evolution of climatic changes and their elevation dependency during the entire simulation period 1950-2099. Adopting the analysis of Fyfe and Flato (1999) and focusing on mean annual 2 m temperature, we present in Fig. 12 the 30-year running mean climate change signals with respect to for all elevation bands and all sub-domains. In order to assess the suitability of temperature changes at distinct elevations as early indicators of larger-scale warming, we also denote the point in time at which the temperature change at a particular elevation becomes significant (99% level) and remains significant for the rest of the simulation (white lines). In most parts of Europe, elevation dependencies of the heating rate become apparent only after about 2020. Before that, the 2 m temperature change is rather homogenous. This is very probably connected to the fact that also snow cover changes are homogenous before 2020 and show only a week dependency on elevation (not shown). Pronounced elevation gradients of the temperature change arise up from 2040 with most regions experiencing a stronger annual mean warming at high elevations. However, the stronger heating in these regions does not imply an earlier significance of the temperature change. The time at which warming signals become detectable depends only little on elevation and is reached around the year 2000 in all subdomains and at all elevations, i.e., before elevation dependencies of the warming signal Fig. 11 Snow day change anomaly versus 2 m temperature change anomaly (2070-2099 w.r.t. 1961-1990) for all seasons and sub-domains. Each marker represents one 100 m elevation band and shows the anomalies of changes in that elevation with respect to the sub-domain mean change. The numbers in the lower row of each panel denote the seasonal correlation coefficients (NaN: no correlation coefficient could be computed) come into play. These findings basically also apply to seasonal temperature changes (not shown). They are in line with the analysis of Fyfe and Flato (1999) for the Rocky Mountains who also found no early detection potential associated with the anomalous highelevation warming.
Changes of tropospheric air temperature
In addition to land surface processes occurring on regional scales, also large-scale changes of the environmental lapse rate can have an influence on the elevation dependency of the near-surface temperature change. To explore this aspect in more detail, we compare the elevation profiles of the simulated changes in 2 m temperature and the simulated changes of the free-tropospheric air temperature (given by the temperature change at the mean height of the 1000, 925, 850, 700, 500, and 300 hPa pressure levels in each sub-domain). This analysis can only provide a broad and qualitative idea on the potential influence of environmental lapse rate changes on near-surface conditions, as a separation of the different influences is not possible in our model setup. As can be seen from Fig. 13 , the simulated changes of the tropospheric air temperature show a clear elevation dependency. In most cases largest warming rates occur in the middle to upper troposphere resulting in an overall decrease of the environmental lapse rate. This is consistent with theoretical considerations and global-scale modeling studies (see introductory section). Part of the elevation signal of the near-surface temperature change might therefore be caused by larger-scale changes of t. 1961-1990 ) as a function of elevation and for all sub-domains. The white lines denote the year, in which temperature changes at a certain elevation become significant (99% level) and remain significant for the rest of the simulation the free-tropospheric air temperature. However, in many cases the elevation dependency of 2 m temperature changes in the elevation range covered by the model topography (grayshaded area) is more pronounced and much more variable than for the tropospheric air temperature. This indicates that large-scale processes in the free troposphere cannot fully explain near-surface temperature changes and that, very probably, local and regional-scale processes involving the land surface have a strong influence. A prominent exception is the winter and spring temperature change in sub-domain SC. Here, the decreasing warming signal with elevation in the lower troposphere is reflected both by the 2 m temperature and the tropospheric air temperature which indicates a strong coupling between both quantities in the Scandinavian region and, eventually, a stronger influence of tropospheric temperature changes.
Refined analysis removing large-scale components
The sub-domain-based analysis presented above does not exclusively reveal elevation signals but can include imprints of large-scale horizontal variability. In case that the largescale gradient of a near-surface parameter (e.g., North-South pattern of warming) coincides with a topographic gradient, this effect can mask "true" elevation effects (i.e., elevation dependencies of near-surface climate change that are indeed governed by the topographic Elevation range covered by CCLM grid cells Fig. 13 Comparison of free-tropospheric and 2 m temperature changes between 1961-1990 and 2070-2099 [°C] for all seasons and all sub-domains up to a height of 8 km. Bold dashed lines indicate changes of the tropospheric air temperature (based on the temperature at 1000, 925, 850, 700, 500, and 300 hPa), thin lines denote changes of the near-surface air temperature in 100 m grid cell elevation bands (see also Fig. 5 ). The gray-shaded area indicates the elevation range covered by the RCM topography height). Especially the large sub-domains SC, EA and MD can be expected to also sample the continental-scale West-East and North-South gradients of surface climate change (see Figs. 4 and 6) . Further candidates are the high-elevation summer warming in sub-domains EA and ME. In order to address this point we here employ a heuristic method to reduce the influence of large-scale components onto the near-surface climate change signal. The procedure is explained in detail in the ESM Part G and, for the example of 2 m temperature, consists of deriving the large-scale component ΔT ls of the temperature change by applying a simple spatial filter onto the pattern of the grid-cell-based 2 m temperature change ΔT. The spatial pattern of ΔT ls contains only little regional variability (see Figure ESM 10 ), which justifies the applicability of our heuristic method. In a second step, ΔT ls is removed from ΔT for each grid cell, yielding the temperature change ΔT* without the influence of large-scale components, i.e., containing mostly regional-scale variability. The same procedure is applied for precipitation changes. Figure 14 presents the analysis of elevation dependencies of ΔT* in the individual subdomains in addition to those of ΔT. In most cases removing the large-scale contribution has only little influence on the elevation dependency of the 2 m temperature change, indicating that regional-scale processes play a dominant role. But there are some exceptions to this. In sub-domain BI, summer ΔT* is almost constant with elevation while ΔT shows largest increases at low elevations and is obviously strongly controlled by the continental-scale pattern. Also the comparatively large summer warming at high elevations in sub-domains FR, MD, ME and EA mostly has to be attributed to large-scale patterns. Removing the large-scale signal in sub-domain EA even yields a decrease of autumn warming with elevation. The prominent summer warming at elevations below 500 m in the European Alps is slightly reduced but still present. Obviously, the strong summer temperature increase in the Po Valley can only partly be linked to large-scale processes. It might be triggered by regional land-atmosphere feedback processes involving soil moisture which, however, has not been assessed in detail. In case of precipitation, removing the large-scale component has only little influence on the elevation dependency of the climate change signal (not shown). A clear effect can only be established for the decrease of summer precipitation in subdomains FR, EA and ME. In these cases, removing the large-scale signal results in a less strong precipitation decrease at high elevations compared to low-lying grid cells, yielding similar precipitation decreases at all elevations.
Discussion
The results presented in the previous chapter indicate that (i) CCLM is able to approximately reproduce observed altitudinal variations of 2 m temperature and precipitation and that (ii) the simulated 21st century climate change is subject to a pronounced elevation dependency in many regions. Our analysis of possible reasons for this dependency focuses on several factors, among these vertical gradients in the freetropospheric warming and regional-scale processes as simulated by the RCM.
A robust finding is that over most parts of Europe and in most seasons, near-surface warming significantly increases with elevation. This is consistent with the free-atmospheric height dependency of warming but cannot be fully explained by the latter. In winter and spring, the strong high-elevation warming is closely connected to the decrease in the number of snow days. Our analysis only reveals the existence of such a relation but not the direction of a possible cause-effect mechanism. The question is whether the high-elevation changes in snow cover are simply a result of anomalously large warming rates (governed for instance by large-scale processes) or whether the snow-albedo feedback mechanism is acting, amplifying the warming in areas of strong snow cover reduction. Our results favor the second option since the relation between the 2 m temperature change anomaly at a certain elevation and the absolute or percentage anomaly of changes in snow water equivalent (SWE; not shown) is typically weaker than for the changes of the number of snow days. If no feedback mechanisms were acting (higher temperatures determining snow cover changes with no feedback on temperature), changes in SWE should have a stronger relation to temperature changes as they are a direct consequence of an elevated temperature level with the number of snow days (SWE above a certain threshold) being only indirectly affected. Furthermore, a clear physical mechanism can be established with decreasing snow cover causing a decay of the surface albedo and an increase of net solar radiation, resulting in an energy gain of the land surface. A pre-requisite for an appropriate representation of future influences of the snow-albedo feedback in CCLM is a proper representation of snow cover characteristics. Indeed, CCLM is able to approximately reproduce the spatial and temporal characteristics of contemporary European snow cover (see ESM Part H).
In addition to winter and spring, also parts of the elevation gradients of summer and autumn temperature change can be explained by the snow-albedo feedback in sub-domains AL and SC. This is not the case for summer temperature changes in other sub-domains, e.g., for the anomalous high-elevation summer warming in Southern Europe (IP, FR, MD, EA). For FR, MD and EA part of this signal can be attributed to the geographical extent of the domains and the large-scale component of climate change. For sub-domains IP and MD a further point is the proximity of lowelevation regions to the coastline of the Mediterranean Sea and the Atlantic Ocean, both of which show a considerably smaller increase of near-surface air temperature than land areas (see Fig. 4 ). Especially during summer, the low-elevation warming closely follows the warming of sea-surface temperatures that control coastal temperatures (see ESM Part I). In sub-region IP, a further factor contributing to high-elevation summer warming is a considerable decrease of soil moisture leading to an increased flux of sensible heat towards the atmosphere at the expense of surface evaporation, amplifying the large-scale warming signal at high altitudes.
As for 2 m temperature, the analysis of precipitation changes does not only reveal elevation signals but also includes continental-scale spatial variability. This is especially true for the summer season with its pronounced North-South pattern of precipitation change. The latter is reflected by the strong decrease of precipitation at high elevations in sub-domains FR, EA and ME. All other regions experience a rather modest summer drying at high elevations while the drying signal becomes more pronounced at low altitudes. A detailed analysis (not shown) reveals that the elevation dependency of the precipitation change is mainly controlled by changes of grid-scale precipitation (resolved scale), while changes of convective precipitation (subgrid-scale, simulated by CCLM's convective parameterization scheme) often play a minor role. Exceptions to this are elevation gradients of summer precipitation change in sub-domains IP and AL which seem to be much more determined by changes in the convective precipitation amount.
Relating to previous studies, our results confirm the findings of Giorgi et al. (1997) for the Alpine region as far as temperature changes are concerned. In many regions, changes in surface snow cover and the snow-albedo feedback can be identified as driving factors for the amplification of seasonal warming rates at high elevations. However, an early detection potential of the high-elevation warming for large-scale temperature changes is not found. This is in line with the findings of Fyfe and Flato (1999) for the Rocky Mountains. Regarding precipitation, our results for the Alpine region differ from that of Giorgi et al. The latter, for instance, found an increase of precipitation sums in most seasons and at most altitudes, while our analysis suggests dryer conditions especially during summer and at low elevations. However, the simulated precipitation changes are in most regions not significant (see Fig. 7 ). Furthermore, differences between the two studies could be explained by the different model setup (5-and 3-year time slices vs. 30-year time slices; 2xCO 2 equilibrium run vs. transient A1B run; 50 km horizontal resolution vs. 25 km; driving GCM) and especially by differences in the convective parameterization scheme employed, with the latter still representing a major source of uncertainty in climate modeling (e.g., Brockhaus 2009 , Hohenegger et al. 2009 ).
Conclusions
The present study provides a European-scale overview on possible elevation dependencies of 21st century near-surface climate change. Our analysis of a COSMO-CLM transient climate change experiment suggests that future climate change might considerably depend on surface elevation over most parts of Europe and in most seasons. For 2 m temperature, the general picture is an intensification of the projected warming with elevation, which becomes apparent during the first half of the 21st century and which results in a general decrease of surface lapse rates. The amplification of the large-scale warming at high elevations is partly connected to well-known large-scale processes in the free troposphere. These are controlled by changes in moist-adiabatic lapse rates, imply an increase in dry atmospheric stability, and ultimately lead to the water-vapor-lapse-rate feedback (e.g., Soden and Held 2006) . In our modeling framework, these large-scale changes stem from the driving global model. In addition, large-scale land-sea contrasts (along with different warming rates over land and sea) contribute to gradients in the warming signal in regions with a significant fraction of coast lines. The mentioned large-scale influences are strongly modulated or even dominated by local and regional-scale processes involving the land surface. In winter and spring the anomalously large high-elevation warming is connected to a decrease in snow cover, suggesting a contribution of the snow-albedo feedback mechanism. In some regions, the same is true for summer and autumn. Further factors include elevation-dependent changes in cloud cover and soil moisture as well as the proximity of low-elevation regions to the sea. For precipitation, only few consistent altitudinal signals valid for several regions arise and typically only changes in summer precipitation are found to be significant.
The horizontal resolution applied in our study (about 25 km) allows representing climatic details on a regional scale, but still considerably smoothes the real topography. This leaves the question whether the simulated elevation gradients of climate change could be extrapolated to elevations higher than the maximum grid cell elevation in a certain region, for instance to places above 2700 m in the European Alps. Figure 5 (2 m temperature) and 7 (precipitation) would suggest such a possibility. But as long as snow cover changes can be identified as a governing process, which is mostly the case for 2 m temperature elevation gradients, we would not recommend any such extrapolation. The non-linear character of the processes involved in snow accumulation and ablation and the dependency of surface snow cover on both temperature and precipitation could lead to high-altitude snow cover changes which are inconsistent to those found at lower elevations. In the case of the Alps, the simulated increase of winter precipitation could offset temperature effects beyond a certain altitude, resulting in a less pronounced decrease or even an increase in the number of snow days and, hence, a less pronounced amplification of the large-scale warming via the snowalbedo feedback. Updated CCLM scenarios at higher resolution carried out within the CORDEX initiative (Coordinated Regional Climate Downscaling Experiment; Giorgi et al. 2009 ) can be expected to give new insight into climatic changes occurring at elevations above the currently resolved range.
The present study has a number of limitations. An obvious source of uncertainty is that we only applied one individual RCM driven by one individual GCM. Different results might be obtained for different model combinations. The model agreement/disagreement on the elevation signal of climate change will be the subject of a subsequent study analyzing the full set of ENSEMBLES RCMs. Further uncertainties relate to future land cover changes which are not considered in the CCLM experiment analyzed here. In case that such changes correlate with elevation, they would introduce an additional elevation-dependent forcing and could alter the elevation gradients of near-surface climate change. For instance, in addition to snow processes, selected regions in the Alps, Scandinavia and partly also in the Pyrenees might be affected by 21st century glacier retreat and its impacts on land surface albedo (replacement of brighter ice surfaces by bare rock/gravel; ice-albedo feedback) and surface temperature (replacement of ice surfaces with a maximum surface temperature of 0°C by bare rock/gravel with higher surface temperatures possible). These processes are not yet accounted for in CCLM but might additionally amplify temperature changes at high elevations during summer (i.e., after the seasonal snow cover has melted).
Similar concerns relate to future changes in aerosol characteristics which are not accounted for but which could introduce an elevation-dependent effect as well. Further aspects that require a thorough investigation are the effects of natural climate variability and the influence of the greenhouse gas emission scenario assumed.
Despite the mentioned uncertainties, our analysis clearly indicates a possible elevationdependency of future European climate change. A robust and physically plausible feature is the amplification of the anticipated temperature change at high elevations. This result has important implications for a number of further disciplines and applications. In particular studies that are dealing with possible impacts of climate change in mountainous regions with their pronounced topographic variability would profit from taking into account the elevation dependency of near-surface climate change. Given, for instance, the pronounced difference of seasonal temperature changes between low and high-elevation regions in many parts of Europe, assuming a uniform temperature change would be too simplistic for assessing the response of temperature-dependent systems to climate change (e.g., snow cover, hydrology, ecosystems). These examples highlight that the implications of an elevation-dependent climatic forcing can be manifold and require further interdisciplinary study. In particular, the amplified warming at high elevations will challenge the adaptability of both natural and anthropogenic high-altitude systems to climate change.
